Biomass burning releases gases (e.g., CO 2 , CO, CH 4 , NO x , SO 2 , C 2 H 6 , C 2 H 4 , C 3 H 8 , C 3 H 6 ) and aerosol particle components (e.g., black carbon, organic matter, K ϩ , Na ). To date, the global-scale climate response of controlling emission of these constituents together has not Ϫ NO 3 been examined. Here 10-yr global simulations of the climate response of biomass-burning aerosols and shortlived gases are coupled with numerical calculations of the long-term effect of controlling biomass-burning CO 2 and CH 4 to estimate the net effect of controlling burning over 100 yr. Whereas eliminating biomass-burning particles is calculated to warm temperatures in the short term, this warming may be more than offset after several decades by cooling due to eliminating long-lived CO 2 , particularly from permanent deforestation. It is also shown analytically that biomass burning always results in CO 2 accumulation, even when regrowth fluxes equal emission fluxes and in the presence of fertilization. Further, because burning grassland and cropland yearly, as opposed to every several years, increases CO 2 , biofuel burning, considered a ''renewable'' energy source, is only partially renewable, and biomass burning elevates CO 2 until it is stopped. Because CO 2 from biomass burning is considered recyclable and biomass particles are thought to cool climate, the Kyoto Protocol did not consider biomass-burning controls. If the results here, which apply to a range of scenarios but are subject to uncertainty, are correct, such control may slow global warming, contrary to common perception, and improve human health.
Introduction
Major anthropogenic sources of climate change are fossil-fuel combustion, biomass burning, biofuel burning, land-use change, and anthropogenically induced biological activity. Biomass burning is the burning of evergreen forests, deciduous forests, woodlands, grassland, and agricultural land, either to clear land for other use, to stimulate grass growth, for forest management, or as a ritual. Biomass burning, as defined here, does not include natural forest fires or biofuel burning. If biomass burning warms climate, though, it may feed back to enhance the frequency of natural fires (Stocks et al. 1998 ). Biofuel burning is the burning of biomass for electric power, home heating, and home cooking.
During biomass burning, aerosol particles, which are short-lived, and gases, which are short-and long-lived, are emitted. The major gas emitted during burning is carbon dioxide (CO 2 ). Other biomass-burning gases that can lead to climate change are methane (CH 4 ), nitrous oxide (N 2 O), sulfur dioxide (SO 2 ), reactive organic gases (ROGs), and oxides of nitrogen (NO x ). The combination of ROGs and NO x , for example, can pro-duce ozone and particles, both of which affect temperatures.
Past studies of the effects of biomass burning on climate have focused on the radiative and optical properties of biomass-burning aerosol particles (e.g., Penner et al. 1992 Penner et al. , 1998 Kaufman and Fraser 1997; Hobbs et al. 1997; Ross et al. 1998; Eck et al. 1998 Eck et al. , 2001 Iacobellis et al. 1999; Grant et al. 1999; Christopher et al. 2000a,b; Kreidenweis et al. 2001; Zhang et al. 2001; Dubovik et al. 2002) and studies of temperatures in the vicinity of the smoke (e.g., Robock 1988; Tarasova et al. 1999) . Such studies have generally concluded that biomass-burning particles tend to cool (Robock 1988) or neutralize (Tarasova et al. 1999 ) local surface temperatures or enhance negative forcing. Studies to date have not estimated the global-scale climate response of the combination of chemically reactive plus less reactive gases (e.g., CO 2 , CO, CH 4 , N 2 O, NO x , SO 2 , ethene, propene, ethane, and propane) plus particle components (e.g., BC, OM, K ϩ , Na et al. (2001) , for example, provide global radiative forcing estimates of a partial list of biomass-burning particles and, separately, a partial list of biomass-burning gases lumped with those of gases from other sources. It is not possible to extract, except crudely, a total gas plus aerosol direct plus indirect forcing of biomass burn-VOLUME 17 J O U R N A L O F C L I M A T E ing from Houghton et al. (2001) , nor has a verified relationship between total forcing and aerosol plus gas climate response been established. A study of the climate response to burning is important for evaluating biomass-burning reduction as a global-warming control strategy.
Here, the net climate response of controlling biomass burning over 100 yr is estimated by coupling numerical calculations of 100-yr temperature changes from controlling biomass-burning CO 2 and CH 4 in isolation with 10-yr global simulation temperature changes from controlling biomass-burning particles and gases, excluding the radiative effects of changes in CO 2 and CH 4 . The 10-yr simulations were not run longer due to the substantial computer requirements [on three processors, each 10-yr simulation each took over 150 days of computer time (15 days yr Ϫ1 ), which compares with 35 days yr Ϫ1 on one processor]. Section 2 of the paper describes the 100-yr projections, section 3 describes the model for the 10-yr global simulations, section 4 describes results from the 10-yr simulations including comparison with measurements for some parameters, and section 5 combines the 10-and 100-yr results.
One-hundred-year temperature change from controlling biomass CO 2 and CH 4
The temperature changes due to controlling biomassburning CO 2 and CH 4 over 100 yr is estimated by solving ordinary differential equations for mixing ratio and combining the result with global three-dimensional equilibrium climate sensitivity calculations of the temperature response per unit mixing ratio. The mixing ratio of CO 2 with and without biomass burning is calculated by considering six major categories of emission: fossilfuel combustion, biomass burning during permanent deforestation, biological decay during and after permanent deforestation, burning during temporary deforestation, biological decay during and after temporary deforestation, savannah/grassland burning, and agricultural burning. The calculation also considers regrowth of temporarily burned and decayed forest, of burned savannah/ grassland, and of burned agriculture. It also considers the feedback of CO 2 to plant growth (CO 2 fertilization). Finally, it considers the loss of fossil-fuel and biomassburning CO 2 due to all non-regrowth processes.
Biological-decay release of CO 2 during deforestation is considered here as part of biomass-burning emission. The purpose of most deforestation is to produce cropland and pastureland. Such deforestation is traditionally carried out by slashing trees, allowing them to dry for 2-3 months, then burning the slash and tree trunks prior to the rainy season. By this process, 20%-60% of the slash and dead leaves is burned (Kauffman et al. 1995; Carvalho et al. 1998 Carvalho et al. , 2001 ). Most of the rest (70%-30% of the total) is decomposed by fungi, bacteria, and insects, and Ͻ10% of the total is removed to produce wood products (e.g., Houghton 1999) . Since biological decay of the slash occurs following biomass burning, the CO 2 from such decay is considered here as part of CO 2 release associated with biomass burning.
Permanent and temporary deforestation are separated here since permanent deforestation results in a different net contribution to CO 2 than does deforestation followed by regrowth. Most slash-and-burn deforestation is permanent, but cropland and pastureland is sometimes abandoned, resulting in regrowth (the production of a secondary forest). Houghton et al. (2001) and Schlamadinger and Karjalainen (2000) predict that between 2008 and 2012, a deforestation flux of 1790 Tg CO 2 -C yr Ϫ1 will be offset by reforestation plus afforestation (addition of new forest) fluxes of 200 to 580 Tg CO 2 -C yr Ϫ1 . These numbers suggest that, to a first guess, about 10%-30% of deforestation is temporary and the rest is permanent.
Carbon dioxide emission from temporary forest burning, savannah/grassland burning, and agricultural burning is offset by regrowth. If an equal amount of emitted CO 2 were replaced immediately by regrowth, biomass burning would cause no net increase in atmospheric CO 2 . Due to the time lag between burning and full regrowth, though, burning always causes a net atmospheric accumulation of CO 2 , even when burning and regrowth rates equal one another. This is demonstrated here with a simple analytical solution. The full numerical solution accounting for this and other processes is discussed shortly.
Suppose a different parcel of forest is burned each year, emitting B ft units of CO 2 each year. Suppose also that each parcel regrows exponentially at a rate corresponding to 70% regrowth after 25 yr (e.g., Houghton et al. 2000) . Under such a condition, the exponential regrowth rate is k ft ϭ 0.048 16 yr Ϫ1 , and the e-folding lifetime against regrowth is ft ϭ 1/k ft ϭ 20.76 yr. In any given year t after burning of a given parcel, the quantity of CO 2 removed from the atmosphere to regrow the parcel is then B ft (1 Ϫ ), and the rate of change Ϫt / ft e of the mixing ratio () of CO 2 due to continuous burning of different parcels and regrowth of all parcels is
ft ft
dt
The analytical solution to this equation is
Equation (2) predicts that, as t approaches infinity, the accumulation of CO 2 in the atmosphere is ft B ft . This result is plotted graphically in Fig. 1a , which shows that yearly emission balances yearly uptake after about 100 yr, but the net CO 2 accumulation by that time is 21 times the annual emission rate. Direct CO 2 emission from biomass burning (forest, savannah/grassland, and agricultural burning/shifting cultivation) has been estimated to range from 1320 to 4200 Tg CO 2 -C yr Ϫ1 (Crutzen and Andreae 1990; Hao and Liu 1994; Liousse et al. 1996; Andreae and Merlet 2001). The most recent estimate is 2500 Tg CO 2 -C yr Ϫ1 (Andreae and Merlet 2001) . Here, it is assumed that the probable range of total CO 2 -C emission from biomass burning is 1500-2700 Tg CO 2 -C yr Ϫ1 . A higher upper limit would only strengthen the main conclusion of this study.
Of the total biomass burning, about one-third is from direct forest burning (Andreae and Merlet 2001; Bond et al. 2004 ). Andreae and Merlet estimate that CO 2 emission from forest burning is about 850 Tg CO 2 -C yr Ϫ1 . Since burning consumes 20%-60% of deforested wood and assuming 10% is removed as wood products (discussed earlier), then 70%-30% (2975-425 Tg CO 2 -C yr Ϫ1 ) of the total wood is left as slash to decay. Although decay does not occur immediately, it can be shown mathematically that for a constant yearly deforestation rate and in steady state, the summed exponential decay rate in the current year among all previously deforested parcels equals the decay rate of one parcel, summed over all years. Thus, yearly CO 2 emission from deforestation burning plus decay may be 1275-3825 Tg CO 2 -C yr Ϫ1 . Although 80% of this emission may be permanent, assume for illustration that 100% is temporary (regrows). From Eq. (2), the accumulation of CO 2 at equilibrium is 12-36 ppmv (with 1.096 ϫ 10 44 air molecules, 1 ppmv ϭ 2184.82 Tg CO 2 -C). In sum, even in the presence of regrowth and at equilibrium, biomass burning causes an accumulation of CO 2 . This accumulation is offset somewhat by fertilization but is increased substantially because most deforestation today is permanent. These two factors are discussed shortly.
Carbon dioxide accumulates not only due to a time lag between burning and full regrowth but also due to the fact that parcels, such as agricultural land and savannah/grassland, burned yearly or every few years do not regrow to their full potential. For example, suppose the yearly emission rate from savannah burning is B s . Also assume that the same parcel of savannah is burned every N s years (and allowed to regrow in between), and the e-folding time for savannah regrowth is s (years). Houghton (1999) estimates a grassland recovery time of about 10 yr in most locations (North America, Europe, Russia, China, Pacific developed, North Africa, Middle East), suggesting s ϭ 3 yr (which gives 96.5% regrowth after 10 yr). In some locations (e.g., Latin America), the grassland regrowth time can be as low as 2 yr and in others (tropical Asia), up to 12 yr. Values of N s may vary from 1 to 4 yr or more (Crutzen and Andreae 1990) . Given that burned grassland often does not recover fully for several years, the upper limit may be more realistic in many cases. Since a savannah is generally burned before it is allowed to regrow completely, burning results in a time-dependent CO 2 accumulation in the atmosphere of
where 
to grow deep and land to accumulate trees, brush, dead leaves, and dead wood, increases CO 2 . This CO 2 buildup is similar to that which arises due to the frequent logging of forests instead of letting them accumulate biomass (Harmon et al. 1990 ) and differs only because the present process is due to biomass burning. The CO 2 buildup in the presence of annual burning also suggests that electric power from biofuels, considered renewable energy, is only partially renewable since biofuels (e.g., agricultural products) are taken from land before the land has regrown to its maximum potential.
For determining the 100-yr effect of controlling biomass-burning CO 2 , it is assumed that burning rates are currently in equilibrium with regrowth rates with respect to temporary forest burning, savannah/grassland burning, and agricultural burning. Thus, the only future addition of CO 2 is due to permanent forest burning and decay. However, when burning is stopped, land is allowed to regrow to its maximum potential, removing accumulated CO 2 from the atmosphere. It is also assumed that biological decay occurs exponentially, and the current decay emission rate is the sum of the exponential decay rates in the current year from all previous years in which decay started. Thus, when burning is stopped, decay continues but decreases exponentially each year. Fertilization and its reverse are assumed to affect atmospheric CO 2 upon an increase and decrease, respectively, in CO 2 . Under these assumptions, the ordinary differential equation describing the change in anthropogenic CO 2 in the presence of all forms of biomass burning considered is
and that without biomass burning is Ϫ1 ) (and equals the equilibrium sum of exponential decay emission in the current year from all prior years), all is the overall efolding lifetime of CO 2 accounting for all non-regrowth and nonfertilization CO 2 removal processes, and F is the fertilization rate of CO 2 (ppmv CO 2 removed per ppmv change in CO 2 loading). In addition,
fp ft (7) is the future emission from decay, where d is the efolding lifetime against decay [assumed to be 10 yr; Houghton (1999) estimates 2-33 yr for forests] and D ft is the CO 2 emission rate (ppmv yr Ϫ1 ) due to decay associated with temporary forest burning. Further,
, and (9) s s
a a a are regrowth rates of temporarily burned forests, savannah, and agricultural land, respectively, where ft , s , and a are the e-folding times for regrowth of each vegetation type; N s and N a are the number of years between reburning the same savannah or agricultural parcel (the number of years between reburning a temporarily burned forest is assumed to be infinite); B ft is the CO 2 emission rate (ppmv yr Ϫ1 ) due to temporary forest burning; was defined in Eq (4), and
where B a is the yearly burning rate (ppmv yr Ϫ1 ) of agricultural land.
Equations (5) and (6) are solved here numerically with the following respective solutions:
, and where h is the time step size (yr). The initial anthropogenic mixing ratio of CO 2 is assumed to be 95 ppmv, equal to the total mixing ratio in 2000 (370 ppmv) minus the preindustrial mixing ratio in 1750 (about 275 ppmv). The background mixing ratio of CO 2 (275 ppmv) is assumed to be in equilibrium with its natural emission and loss rates. The overall lifetime of CO 2 used here is assumed to range from all ϭ 30-95 yr, which encompasses the range required for observed mixing ratios to be consistent with emission rates from 1960 (Jacobson 2004 . From Eq. (12), CO 2 accumulation due to permanent forest burning, like fossil-fuel burning, is always limited by loss of CO 2 to non-regrowth processes.
The global fossil-fuel emission rate of CO 2 in 2000 (and from 1995-2000) was near E ff ϭ 3.02 ppmv yr Ϫ1 (6600 Tg CO 2 -C yr Ϫ1 ) (Marland et al. 2003) . The total biomass-burning emission (B tot ϭ B fp ϩ B ft ϩ B s ϩ B a ) for Eqs. (12) and (13) is assumed to range from 0.687 to 1.24 ppmv yr Ϫ1 (1500-2700 Tg CO 2 -C yr Ϫ1 ; see discussion above). Of the total, 32.1% is assumed to be due to forest burning (B fp ϩ B ft ), 59.5% is assumed to be due to savannah/grassland burning (B s ), and 8.4% is assumed to be due to agricultural burning (B a ) (Andreae and Merlet 2001) . Of the total forest burning, 80% is assumed to be permanent forest burning (see discussion above). Two sets of CO 2 emission rates due to biological decay are considered:
These rates account for the fact that 20%-60% of deforested land is burned while 70%-30% decays. It is further assumed that savannah lands are burned every 4 yr and agricultural lands are burned every year (N s ϭ 4 yr, N a ϭ 1 yr). Finally, it is assumed that ft ϭ 20.76 yr, and s ϭ a ϭ 5 yr. This last assumption implies that, if left unburned, savannah/grassland and cropland might accumulate brush and sparse trees in addition to just fully regrown grass.
Finally, the fertilization rate is calculated from results of Poorter (1993) , who found that doubling CO 2 from a range of 300-360 to 600-720 ppmv increased the average mass of 156 plant species by 37%. The extent to which fertilization increases the rate of tree growth only as opposed to also increasing long-term carbon storage is uncertain (Bolin and Sukumar 2000, p. 39) . Nevertheless, assuming a 37% vegetation mass increase upon a doubling of CO 2 from 360 to 720 ppmv and assuming 470 Tg C currently stored in vegetation globally (Bolin and Sukumar 2000, p. 31) , gives F ϭ 0.37 ϫ 470 Tg/(360 ppmv ϫ 2.184 82 Tg/ppmv) ϭ 0.22. This coefficient implies that, for every ppmv increase (decrease) in atmospheric CO 2 , one-fifth is removed (added) by fertilization. Since fertilization increases the amount of biomass on some land that will be deforested, fertilization also increases biomass burning and biological decay, but that small feedback is not treated here.
Figures 2a,b show the projected changes in total CO 2 [background 275 ppmv plus time-dependent anthropogenic (t), starting at 95 ppmv] due to biomass burning and its elimination [Eqs. (12) and (13)], from 2000-2100. The two figures shown represent low and high estimates of the effects of controlling biomass-burning CO 2 . The low estimate (Fig. 2a) Of the total biomass-burning CO 2 reduction after 100 yr in Figs. 2a,b, 94%-97% was due to eliminating permanent forest burning/decay, 2%-4% was due to eliminating temporary forest burning/decay, 0.8%-2% was due to eliminating savannah burning, and 0.1%-0.3% was due to eliminating agricultural burning. Thus, removing permanent forest burning decreased CO 2 far more than did removing other burning processes. Since CO 2 accumulation due to temporary forest burning was limited by regrowth, controlling temporary burning reduced CO 2 to a lesser extent than did controlling per-
Change in temperature over 100 yr due to eliminating all biomass-burning CO 2 emission in isolation, calculated from Eq. (14), where ⌬(t) is determined by subtracting Eq. (13) from Eq. (12). The four cases shown account for two equilibrium climate sensitivities, each applied to the full-removal cases of Figs. 2a, b. (b) Change in temperature over 100 yr due to eliminating all biomassburning CH 4 emission in isolation, calculated from Eqs. (14) and (15). Additional conditions are described in the text. manent burning. In fact, the reduction in CO 2 due to eliminating processes in which regrowth occurred diminished over time. For example, after 25 yr, eliminating savannah burning was responsible for about 11% of the total CO 2 reduction, but after 100 yr, it was responsible for only 0.8%-2% of the reduction. The reason is that the equilibrium CO 2 accumulated (e.g., Fig.  1 ) due to burning/regrowth diminishes over time due to non-regrowth removal (governed by all ). Such removal also affects permanent burning. However, since permanent burning produces a steady-state quantity of CO 2 , (t) ϭ all (B fp ϩ D fp ) [found by setting E ff ϭ 0 and setting the derivatives in Eq. (5) to zero], its removal reduces only a steady-state quantity as well.
The time-dependent temperature response to controlling biomass-burning CO 2 emissions from 2000-2100 is projected here as
where ⌬(t) is the change in the time-dependent mixing ratio of CO 2 due to eliminating all biomass burning [Eq.
(12) minus Eq. (13), the result of which is shown in Figs. 2a, b] , and ⌬T eq /⌬ eq is the ''equilibrium climate sensitivity'' of CO 2 from Jacobson (2002a) . This sensitivity was calculated by running a pair of global simulations, one in which the total CO 2 mixing ratio was included at current levels and a second in which it was included at preindustrial levels. The temperature difference between the two simulations divided by the mixing ratio difference is the equilibrium climate sensitivity, calculated as ⌬T eq /⌬ eq ϭ Ϫ0.9 K/95 ppmv in that case.
Since there is uncertainty in the equilibrium climate sensitivity (because of the equilibrium assumption, the neglect of feedbacks from biomass burning to the carbon cycle buffering in the oceans and biosphere, etc.), and to ensure the climate response of removing CO 2 was not underestimated, a second equilibrium climate response of ⌬T eq /⌬ eq ϭ Ϫ1.3 K/95 ppmv, representing an extreme upper bound, is also considered here. Figure  3a shows ⌬T t for four cases: the two equilibrium climate sensitivities applied to each the low and high mixing ratio differences from Figs. 2a,b. The figure projects that eliminating CO 2 alone from biomass burning could decrease temperatures by Ϫ0.15 to Ϫ1 K. Much of this decrease in the latter case is due to the decrease of future CO 2 accumulation that would occur if permanent forest burning were stopped. A simpler approach is used to estimate the change in mixing ratio due to eliminating biomass-burning CH 4 : Eq. (5) Figure 3b shows the temperature change, calculated when Eqs. (15) and (14) are coupled. The equilibrium climate sensitivity of CH 4 used is ⌬T eq /⌬ eq ϭ 0.27 K/1 ppmv (Jacobson 2002a ).
Description of the 10-yr global simulations
The model used for the 10-yr climate-response simulations was GATOR- GCMOM Jacobson 1997; 2001a,b,c; 2002a,b) . It treated time-dependent gas, aerosol, radiative, meteorological, cloud, transport, and ocean processes over a 4ЊS-N ϫ 5ЊW-E grid with 39 sigma pressure layers up to 0.425 hPa (ϳ55 km) including 23 tropospheric layers and 3 layers below 1 km.
The model version used was the same as in Jacobson (2002a) . The model treated at least 12 feedbacks of aerosol particles to climate, described therein. Gas processes included emission, gas chemistry, gas-aerosolsurface chemistry, advection, turbulence, cloud con-J A C O B S O N vection of gases, nucleation, condensation, dissolution into aerosols, clouds, and precipitation, washout, and dry deposition. Predicted meteorology was initialized with National Centers for Environmental Prediction reanalysis fields (NCEP 2002) . Aerosol size and composition and gas fields were initialized as described in Jacobson (2001b,c) .
The Cooke and Wilson (1996) by the ratio of the mean biomass-burning emission factor for each gas or particle component to that of BC (Ferek et al. 1998 ). The ions K ϩ , Ca 2ϩ , and Mg 2ϩ were not carried in the simulations, but their mole-equivalent emissions were added to those of Na ϩ . The global biomass-burning BC emissions from Cooke and Wilson was 6 Tg C yr Ϫ1 . The uncertainty given by these authors is about a factor of 2, and this uncertainty is extended here to other species, whose emission rates are scaled from those of BC. Andreae and Merlet (2001) calculated a BC emission rate from nonbiofuels biomass burning of 3.1 Tg C yr Ϫ1 . To address some of the uncertainty in the Cooke and Wilson inventory and to account for the new results, the baseline BC inventory used here was reduced here by 25% to 4.5 Tg BC-C yr Ϫ1 . In addition, a sensitivity of the climate response (section 4) to a lower BC emission rate that encompasses that of Andreae and Merlet (2001) was performed. For that sensitivity, all other biomass gas and particle components were reduced proportionately as well.
Biomass-burning particles were emitted assuming three lognormal modes: nucleation, accumulation, and coarse modes with peak number diameters of 10, 100, and 1500 nm, respectively. Data from Reid and Hobbs (1998) suggest that smoke number emissions in the accumulation mode dominate those in the nucleation mode.
Baseline biomass-burning CO 2 and CH 4 emissions from the same technique were 2700 Tg CO 2 -C yr Ϫ1 and 21 Tg CH 4 -C yr Ϫ1 (4.5 Tg BC-C yr Ϫ1 multiplied by 900 g CO 2 -C/kg Ϫ1 C burned 7 g CH 4 -C kg Ϫ1 C burned, respectively, and divided by 1.5 g BC-C kg Ϫ1 C burned (Ferek et al 1998) , consistent with the upper estimate of CO 2 and the only estimate of CH 4 emission discussed in section 2. Nonbiomass-burning anthropogenic CO 2 and CH 4 emissions globally were 6600 Tg CO 2 -C yr Ϫ1 (Marland et al. 2003) and 268 Tg CH 4 -C yr Ϫ1 (Stern and Kaufman 1998) .
Other size-and composition-resolved aerosol processes included homogeneous nucleation, coagulation, growth by condensation and dissolution, water uptake, liquid and solid equilibrium chemistry, irreversible aqueous chemistry, advection, turbulence, cloud convection of aerosols, dry deposition, settling, rainout, and washout. Condensational growth was treated for H 2 SO 4 and OM; dissolutional growth was treated for HCl, HNO 3 , and NH 3 .
Jacobson (2003) described the cloud scheme. Briefly, cumulus and stratus parameterizations were used to determine water available for cloud processes. The cumulus parameterization (Ding and Randall 1998) produced multiple subgrid clouds per column, each with a different cloud base and top (about 500 base and top combinations were possible in each column although 1-10 typically formed). Water and energy transport in each cloud was solved with a mass-flux convection scheme. Such a scheme can be used for tracers, as done by Mari et al. (2000) , but the mass-flux scheme here is explicit, so it can produce negative concentrations in the presence of strong gradients. Instead, a positive-definite, stable convective plume transport scheme was used to transport bin-resolved aerosol components and gases in each subgrid cloud. Following transport, liquid and ice from the cumulus parameterization were evaporated/sublimated, then regrown onto size-resolved aerosols transported to that layer. Because aerosols were transported vertically with cloud water, their activation was consistent with their activation in a rising plume. Following growth, size-resolved processes treated were coagulation (liquid-liquid, ice-ice, and ice-liquid), large drop breakup, evaporative cooling during drop settling, evaporative freezing (freezing during drop cooling), heterogeneous and homogeneous freezing, contact freezing, melting, evaporation, sublimation release of aerosol cores upon evaporation/sublimation, coagulation with interstitial aerosols, irreversible aqueous chemistry, and lightning generation from size-resolved coagulation among ice hydrometeors.
Radiation processes included UV, visible, solar IR, and thermal IR radiative interactions with gases, size-/ composition-resolved aerosols, and size-/compositionresolved hydrometeors. Radiation affected photolysis and heating. The dynamical portion solved for wind, temperature, pressure, and turbulence.
Sea surface temperature, ocean current velocities, and ocean mixed layer depths were predicted with a 2D potential enstrophy and mass-conserving shallow-water equation mixed layer module forced by wind stress (G. 
Analysis of 10-yr climate-response simulations
A pair of 10-yr global climate-response simulations was run: one with gas and aerosol emissions from all anthropogenic and natural sources (baseline case) and one with all emissions except biomass-burning gas and particle emissions (sensitivity case).
Figures 4a and 4b show 10-yr averaged-modeled near-surface OM and from the baseline case. Fig-ϩ NH 4 ures 4c and 4d show the 10-yr-average difference in near-surface and elevated OM between the baseline case and the no-biomass-burning case. Thus, Fig. 4c represents the contribution of biomass burning to OM. Difference plots for BC are similar to those for OM, but about a factor of 8 lower. Biomass-burning OM, was most prevalent in the Tropics of South America and Africa. Figure 4d suggests that burning produced tropospheric OM layers, which penetrated closer to the Arctic than Antarctic. Ammonium was high where S(VI) [ϭH 2 SO 4 (aq) ϩ ϩ was high be-
cause ammonia gas dissolves readily in sulfuric-acidcontaining particles. The highest ammonium concentrations were in Europe, which had high S(VI) concentrations. Jacobson (2002a) compared modeled BC, S(VI), cloud water, precipitation, and cloud fraction with data. Andreae (1983) , Dzubay et al. (1984) , Andreae et al. (1984) , Ohta and Okita (1984) , Cachier et al. (1986 Cachier et al. ( , 1989 Cachier et al. ( , 1994 , Wolff et al. (1986) , Clarke (1989) , Mukai et al. (1990) , Keeler et al. (1990) , Novakov and Penner (1993) , Gaffney et al. (1984) , McNaughton and Vet (1996) , Hjellbrekke and Hanssen (1998) is not emitted sub-ϩ NH 4 stantially during biomass burning, so it is unlikely that errors in such emissions were important. It is possible that errors in its emission from other sources were important. Low biases may also be due to high boundary layer heights, meteorological factors, and model resolution.
Figures 6a and 6b show differences in near-surface NaϩKϩMgϩCa (carried together as mole-equivalent Na) and S(VI), respectively, between the two simulations. These species all had biomass-burning and other emission sources. The increase in NaϩKϩMgϩCa (Fig.  6a ) in biomass-burning regions was due mostly to increases in K, the species with the greatest emission factor among the four (Ferek et al. 1998) . Increases in particulate S(VI) (Fig. 6b) were due to 1) dissolution of biomass-emitted SO 2 (g) in clouds and aerosols followed by aqueous oxidation, 2) oxidation of SO 2 (g) emitted during biomass burning to H 2 SO 4 (g) followed by H 2 SO 4 (g) condensation, 3) direct emission of biomass-particulate S(VI), and 4) enhanced condensation of nonbiomass H 2 SO 4 (g) due to an increase in particle surface area from biomass burning. The mass emission rate of gas-phase SO 2 (g) from biomass burning was about 3 times that of particulate S(VI) (Ferek et al. 1998 ).
Concentrations of S(VI), Na, K, Mg, and Ca were also slightly affected by feedbacks of biomass-burning aerosols to emission rates of sea spray, which contain these components. Specifically, Fig. 6c shows that biomass burning caused a 10-yr average change in air pressure and wind speed/direction globally, and sea-spray emission rates are driven almost entirely by wind speed. Soil dust and road dust emission rates are also driven by wind speed, so concentrations of these aerosol types were also affected by biomass-burning emissions.
The feedback of biomass burning to pressure and winds globally (feedback to large-scale meteorology) is due to several factors. First, biomass-burning aerosols and gases change the local vertical temperature profile and cloud amount, which change the vertical transfer of horizontal momentum (as well as energy and moisture), changing local wind speed and direction, thereby changing local pressure. Since mass must be conserved globally, local changes in pressure must be compensated for by pressure changes farther away (total surface air pressure in the model is conserved to machine precision). Changes in pressure farther away affect wind speeds and cloud formation, which affects radiative fields, etc., farther away. Second, nonnegligible quantities of biomass-burning particles and larger quantities of gases travel long distances, particularly aloft. These gases and particles affect clouds and radiative fields, which feed back directly to pressures and winds far away. Figure  6c suggests that biomass-burning-enhanced anticyclones in the subtropics of the Southern Hemisphere and reduced pressure near the poles. Figure 6d shows the difference in aerosol liquid water content (ALWC) due to biomass burning. The largest increase occurred in the Tropics, where the relative humidity (RH) was highest in the yearly average, but not exactly where the largest change in aerosol ion concentration occurred. Since ALWC is superlinearly dependent on RH for a given ion molality, a change in molality in a location of high RH can increase ALWC more than a larger change in molality in a location of low RH. Figure 6e shows the difference in 10-yr-averaged aerosol optical depth (AOD). Maximum differences occurred roughly where ALWC changed the most. Modeled AODs included values within cloud and precipitation regions and outside of clouds when the relative humidity was near 100%. Since AODs increase rapidly near 100% relative humidity and drop tremendously where precipitation is occurring, modeled AODs may be higher or lower than measured or satellite-derived AODs, which filter cloud cover and relative humidities near 100%. Nevertheless, some comparisons of baseline-predicted AODs are given here. The average modeled baseline AOD over the global oceans was 0.115, slightly lower than the measured value of 0.12 (Husar et al. 1997) . Modeled AODs over biomass-burning regions of Brazil and Africa during burning seasons ranged from 0.7 to 2.3 and 0.4 to 1.5, respectively, which compare with measured values of 0.9 to 2.1 over Brazil ) and 0.7 to 1.7 over Zambia, (Eck et al. 2001) , respectively. The modeled yearly averaged optical depth over Mongu, Zambia, was 0.19, which compares with a value of 0.24 from Eck et al. Fig. 2) . Modeled AODs over most other African regions south of the equator were lower than those derived in Torres et al. (2002) , possibly due a dearth of modeled emissions in this region. Optical depths to the northwest of the Amazon River mouth were higher than those derived in Torres et al. (2002) , possibly because modeled AODs were calculated at all relative humidities and in the presence of clouds, whereas the satellite product filters out relative humidities near 100% and clouds. Table 1 shows that biomass burning decreased the VOLUME 17
globally and 10-yr-averaged aerosol single-scattering albedo (ASSA) by 0.026. Typical decreases near biomassburning regions were 0.1. Baseline-modeled ASSAs ranged from 0.76 to 0.93 over Brazil and 0.79 to 0.91 over Africa, respectively, which compare with retrieved values of 0.79-0.95 (Dubovik et al. 1998 ) and 0.82-0.94 ) over biomass-burning regions of Brazil, and of 0.82-0.85 over biomass-burning regions of Zambia (Eck et al. 2001) . Figure 6f shows the 10-yr-averaged modeled effect of biomass burning on near-surface temperatures. The major regions of cooling were throughout the Southern Hemisphere oceans from 15Њ to 80ЊS. The figure also shows some cooling over Brazil but some warming over Africa and Eastern Europe and regions of Asia. The temperature-change patterns due to biomass burning cannot be compared directly with observed temperaturechange patterns because the latter are affected by all pollutants, which cause net warming, whereas the former are affected by a subset of pollutants, which cause short-term cooling. The warming in some biomass-burning regions and cooling in others is consistent with the fact that biomass burning may increase or decrease local temperatures (Tarasova et al. 1999) . It also results because the plot shows a 10-yr average, whereas biomass burning occurs primarily in the dry season.
Some of the greatest temperature changes in the global and 10-yr average were over regions of snow and/or sea ice cover (e.g., northern Russia, northern Canada, and over the Antarctic continent and its sea ice). Changes in clouds and winds over these regions due to biomass burning (e.g., Fig. 6c ) triggered changes in snow and sea ice cover, which changed albedo, which changed absorbed solar radiation, which changed ground temperature, which changed sensible and latent heat fluxes to the air, which changed air temperature. Figure 6g shows the modeled change in near-surface ozone. Biomass burning increased ozone in biomassburning regions. Ozone at high northern latitudes decreased somewhat most likely due to feedbacks to meteorology (Fig. 6c) . The average increase over biomassburning regions and the tropical southeastern Atlantic was about 5 ppbv, representing about a 25% increase over modeled background levels there. Mauzerall et al. (1998) found that biomass burning may have accounted for a 30% enhancement of ozone over the tropical South Atlantic during the dry season. In the global average, modeled ozone here increased by about 0.8 ppbv. Figure 7a shows the difference in the globally and 10-yr-averaged layer and cumulative temperature due to biomass burning. The average or ''effective'' temperature of layer k from one simulation was calculated with j,k,t a,i, j,k,t p,a i, j,t where the sums are over all grid cells i and j in the layer and over all time steps t during the averaging period, V i,j,k,t is the volume of a grid cell at a given time step and location, a,i,j,k,t is the density of moist air (dry air plus water vapor) in a cell at a given time step, c p,a is the specific heat of moist air at constant pressure, and T i,j,k,t is the temperature in a cell. The difference in layer effective temperature from two simulations is the difference in Eq. (16) between two simulations. Equation (16) is used since temperature is a relative, not an absolute parameter, so the straight averaging of temperature from two different times or locations does not give the real average temperature because air density differs in each case. In Eq. (16), temperature is converted to energy, an absolute parameter. It can be refined further by considering the storage of energy in liquid water and ice, but that was not done here. The cumulative effective temperature from one simulation is the integrated effective temperature from the surface (m ϭ 1) to the layer of interest (k):
The cumulative effective temperature at the stratopause is the integration of effective temperature from the surface to the stratopause. Layer temperatures in the stratosphere have little effect on cumulative temperature because air density is so low in the stratosphere that a large temperature change contributes little to total energy in the stratosphere [the numerator in Eq. (16)]. Figure 7a shows that biomass burning cooled the surface and upper stratosphere but warmed the upper troposphere/lower stratosphere, causing a slight cumulative atmospheric warming. The warming aloft occurred primarily in the Tropics, where most biomass burning occurred. It may have been due in large part to vertical transport of energy (e.g., due to changes in the Hadley cell circulation) or to a change in heating rate there. Figure 7e shows that, at the altitude of warming, the solar heating rate increased, but the thermal IR heating rate decreased. At that altitude, small changes in heating can trigger large changes in temperature due to the low air density. Changes in heating result from gradients in irradiance (Fig. 7f) . The figure shows that the solar irradiance decreased at altitudes below 100 hPa.
Enhanced cloud scattering in the global average (Fig.  7b ) was due to a decrease in the mean cloud-drop radius caused by the first indirect effect. At the same time, surface cooling (Fig. 7a) increased the stability of the lower and middle troposphere, decreasing cumulus convection, cloud liquid and ice (Fig. 7c) , precipitation (Table 1), and vertical moisture fluxes from the ocean. The decrease in moisture flux reduced water vapor in the lower troposphere, but the suppression of convection reduced condensation and cloud liquid aloft, increasing water vapor aloft (Fig. 7d) . The increase in scattering optical depth (Fig. 7b) with a decrease in cloud liquid in the global average (Table 1 and (16) and (17), respectively, and (a) shows differences in such temperatures from two simulations. The bottommost ''layer'' temperature change shown is the ground-temperature change, which is not included in the cumulative temperature change curves. The remaining curves are global differences from the simulations with minus without biomass burning for (b) cloud scattering optical depth, (c) cloud liquid and ice, (d) water vapor, (e) solar and thermal IR heating rates, and (f ) net downward minus upward solar, thermal IR, and total irradiance (accounting for all feedbacks). the decrease in drop radius had a greater effect on optical depth than did the decrease in cloud liquid.
The baseline average top-of-the-atmosphere solar and thermal IR radiative fluxes were 240 and Ϫ233 W m Ϫ2 , respectively, which compares with measurements of 238 and Ϫ235 W m Ϫ2 , respectively (Kiehl et al. 1998) . The baseline surface solar and thermal-IR radiative fluxes were 165 and Ϫ67 W m Ϫ2 , respectively, which compares with measurements of 168 and Ϫ66 W m Ϫ2 , respectively (Kiehl and Trenberth 1997) . Figure 7f shows that the 10-yr-averaged tropopause (at about 250 hPa) total forcing (direct forcing plus feedbacks) due to biomass-burning gases and aerosols was Ϫ0.84 W m Ϫ2 (in the last 5 yr of simulation, it was Ϫ0.6 to Ϫ1.2 W m Ϫ2 ). Houghton et al. (2001) estimates a direct forcing from biomass-burning aerosols of Ϫ0.3 W m Ϫ2 and an indirect forcing from all aerosols of 0 to Ϫ2 W m Ϫ2 . Assuming crudely that biomass-burning indirect forcing represents 23%-29% of total indirect forcing (assuming a similar ratio of biomass burning to total anthropogenic particle emissions as the ratio of biomass burning to total anthropogenic CO 2 emissions), the short-term model forcing estimate is within the range of a rough value extracted from IPCC. Figure 8 (solid line) shows the globally averaged time-dependent response of eliminating biomass-burning aerosols and short-lived gases from the 10-yr base simulation described in section 4. Eliminating biomass burning caused fluctuations in global temperatures in years 1-5 but less so in years 8-10, where the differ-
Solid line: Calculated temperature change, over 10 yr, due to eliminating biomass-burning particles and gases but ignoring the radiative effects of CH 4 and CO 2 . The change in temperature from years 10 to 100 was held to that in year 10. Dashed line: Base case scaled by 0.555 to approximate the effect of the lower biomassburning emission estimate (section 4).
FIG. 9. Estimated temperature change over 100 yr due to eliminating all biomass-burning gas and particle emissions, determined by summing the curves in Figs. 3a, 3b , and 8. The flat line represents zero change in temperature.
ences were ϩ0.35, ϩ0.31, and ϩ0.35 K, respectively. The 10-yr average change due to eliminating burning was ϩ0.14 K ( Table 1 ). The changes in temperature from years 11 to 100 were held to the highest value from years 1 to 10. If the average value over 10 yr was used (ϩ0.14 K), the conclusion would be stronger than that obtained. The dashed line in Fig. 8 is the base-case response, scaled by 55.5% (the ratio of the lower to upper bound of CO 2 emission, 1500:2700 Tg CO 2 -C yr Ϫ1 ) to account for the lower bound in the estimate of the biomass-burning emission rate. Although an emission change will result in some different feedbacks, rerunning the base case at a lower emission was not done due to computational constraints.
Although biomass and fossil-fuel burning emit roughly equivalent levels of BC globally, the modeled shortterm climate response of biomass burning (cooling of Ϫ0.35 K in year 10) was opposite from that of fossil fuel (ff ) BCϩOM emissions calculated in Jacobson (2002a) (warming of ϩ0.35 K in year 5, the last year of the simulation). Although biomass-burning BC suppresses cooling in biomass particles, such particles contain much more OM, K ϩ , Na addition, the OM:BC in biomass-burning particles (8: 1) is much larger than that in fossil-fuel soot particles (0.5:1 to 3:1). Whereas many biomass-burning components, including organics, are hygroscopic, the OM in diesel soot, for example, is primarily lubricating oil (e.g., Kittelson 1998 ). As such, newly emitted soot particles do not absorb much water (Weingartner et al. 1997) and are poor cloud condensation nuclei (Ishizaka and Adhikari 2003) . Biomass-burning particles, while not so hygroscopic as pure sulfate particles, are more hygroscopic and better cloud condensation nuclei than are fossil-fuel soot particles, allowing biomass particles to scatter more and form clouds better than soot particles do. Finally, since the thermally driven circulation in the Tropics affects global circulation, perturbations in the Tropics may feed back to the larger scale more than perturbations elsewhere. Figure 9 shows the overall climate response of biomass burning over 100 yr, determined by summing the climate responses of CO 2 , CH 4 , and aerosols/short-lived gases from Figs. 3a, 3b, and 8, respectively. Curves with the same emission rates are summed consistently. The result accounts for a range of biomass-burning CO 2 emission of 1500-2700 Tg CO 2 -C yr Ϫ1 , a corresponding range biomass-burning aerosol emission, biological decay emission 1-3 times those of direct forest-burning emission, overall lifetime of CO 2 30-95 yr, and an equilibrium climate response of removing anthropogenic CO 2 of Ϫ0.9 to Ϫ0.13 K. The envelope of climate responses suggests a global cooling a few decades after biomass burning is first controlled in almost all cases.
Combining 10-and 100-yr results
A factor not accounted for is the effect of the deep ocean on air temperatures. In Jacobson (2002a) , it was suggested that energy transport to the deep ocean affects the climate response of individual components proportionally to the magnitude of the initial response. If two components cause warming, the deep ocean will dampen the warming of stronger warming more due to enhanced stratification. If one component causes cooling and the other warming, the deep ocean will reduce the magnitude of cooling and warming but not change the sign of either.
To test this theory, vertical one-dimensional advection-diffusion simulations of mixing to the deep ocean of a temperature perturbation to the mixed layer were run for 100 yr. A vertical velocity of 4 m yr Ϫ1 (Hoffert et al. 1980 ) and three diffusion coefficients (0, 1 ϫ 10 Ϫ5 , and 1 ϫ 10 Ϫ4 m 2 s Ϫ1 ) were used. The 1 ϫ 10 Ϫ4 m 2 s
Ϫ1
value is close to the canonical globally averaged deepocean value, but the global value is really a combination where t is the time from start (yr), h is the time step (yr), T eq (set to ϩ0.35 K for biomass-burning aerosols and Ϫ0.7 K for CO 2 ) is the equilibrium temperature perturbation to the ocean, and (set to 4 yr for biomass-burning aerosols and 70 yr for CO 2 ) is the relaxation e-folding time required to reach equilibrium. The three results shown for each case are (i) no vertical diffusion or vertical velocity (solid dot), (ii) K ϭ 1 ϫ 10 Ϫ5 m 2 s Ϫ1 and w ϭ 4 m yr Ϫ1 (solid line), and (iii) K ϭ 1 ϫ 10 Ϫ4 m 2 s
(2000 m 2 yr Ϫ1 ) and w ϭ 4 m yr Ϫ1 (dashed line). Profiles with assumptions (ii) and (iii) were found by solving the one-dimensional advection diffusion equation after discretizing the ocean into forty 100-m deep ocean layers and one 100-m ocean mixed layer and using a time step of h ϭ 5 days (0.0137 yr).
of smaller values (e.g., 1 ϫ 10 Ϫ5 m 2 s Ϫ1 ) over possibly 99% of the ocean and larger values (e.g., 1 ϫ 10 Ϫ2 m 2 s Ϫ1 ) over the remaining 1% of the ocean (Kantha and Clayson 2000, p. 679; Kunze and Sanford 1996) . The larger values occur primarily near sloping topography and comprise most of the mixing. Two sets of simulations are shown, one for biomassburning aerosols with an equilibrium warming upon removal of ϩ0.35 K (from the high-emission-rate case in Fig. 8) and an e-folding time of 4 yr to obtain this temperature and one for biomass-burning CO 2 with an equilibrium cooling upon removal of Ϫ0.7 K and an efolding time of 70 yr to obtain this response (which gives a cooling after 100 yr of Ϫ0.53 K, a middle value in Fig. 3a) . Figure 10 shows the vertical profile of each perturbation after 100 yr for each of the three diffusion coefficients. In all cases, the damping of mixed layer temperature was proportional to the magnitude of the initial perturbation. The magnitude of cooling due to removing CO 2 was larger than the magnitude of the warming due to removing aerosols. This result held for both low and high diffusion coefficients. In sum, inclusion of the deep ocean should dampen all atmospheric temperature perturbations proportionally to the magnitude of the perturbation. Thus, neglecting the deep ocean should have marginal effect on the timing between the switchover between warming and cooling and little effect on the main conclusion of this study.
Conclusions
The Kyoto Protocol of 1997 did not consider controlling biomass burning as a strategy for slowing global warming. This study suggests that such a strategy may be beneficial. It finds that, whereas aerosol particles emitted during burning may cause a short-term cooling of global climate, longer-lived greenhouse gases may cause warming (or cancel the cooling) after several decades. As such, reducing biomass burning may cause short-term warming but long-term cooling or no change in temperature. Although the eventual cooling may not appear for many years, its magnitude may be as large as 0.6 K after 100 yr. Much of this reduction would be due to eliminating future increases in CO 2 from biomass burning. By far the greatest long-term benefit in reducing biomass burning would result from the reduction in permanent deforestation. For example, of all CO 2 reduced after 100 yr due to stopping biomass burning, 94%-97% was calculated to be due to eliminating permanent forest burning/decay, 2%-4% was due to eliminating temporary forest burning/decay, 0.8%-2% was due to eliminating savannah burning, and 0.1%-0.3% was due to eliminating agricultural burning. Results, though, are subject to model and emission uncertainties and require further verification.
Although savannah and agricultural burning contribute less to CO 2 than does permanent forest burning in the long term, both still result in some CO 2 accumu-VOLUME 17 J O U R N A L O F C L I M A T E lation. In fact, for any century-scale time lag between biomass burning and full regrowth, burning results in an accumulation of CO 2 . Fertilization modifies this accumulation but does not eliminate it. Since grassland and cropland burned yearly as opposed to every several years increase CO 2 , biofuels, considered ''renewable,'' are only partially renewable, and even temporary biomass burning always results in elevated CO 2 until it is stopped.
Although controlling biomass burning may not be so efficient at slowing global warming in terms of the speed and magnitude of its effect, as controlling fossil-fuel black carbon, it is necessary to address multiple causes of warming simultaneously. Because aerosol particles may be the most damaging and costly components of air pollution (e.g., Spadaro and Rabl 2001) , reducing both biomass burning and ff BCϩOM may reduce health problems and mortality. It is beyond the scope of this paper to examine specific control strategies, but the historical record suggests that emission problems can be reduced through national and international regulation and market incentives.
